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Three-dimensional modeling of tracers in the 
deep Pacific Ocean: I. Salinity and oxygen 

by Manuel E. Fiadeiro1•2 and Harmon Craig1 

ABSTRACT 
A numerical model of the deep circulation using weighted-mean differences in three dimen-

sions has been developed and applied to the distribution of tracers in the Deep Pacific Ocean. 
It is found that the Stommel-Arons model of the thermohaline circulation applied to the three-
dimensional distribution of salinity and oxygen explains reasonably well the general features 
of these distributions with the following parameters: w. = 3 m/y (upwelling velocity under the 
thermocline), K. = 5 X 10• cm2/s (horizontal eddy diffusion coefficient), K. = 0.6 cm2/s (verti-
cal eddy diffusion coefficient), R = 10 Sv. (recirculation of the Circumpolar current) and J = 
0.48 e-1•

2 Cd--ll/.lM/kg/y (consumption rate of oxygen, d = depth in km). The values of these 
parameters are relative to the value fixed for w,,. An exponential variation in K . and a model 
of the circulation with w. = 3 cos(30) m/y (0 being the latitude) give substantially different 
solutions, but worse fits to the observed data. 

1. Introduction 

We define a tracer as any quantity measurable in terms of a concentration in-
variant with pressure and temperature, such as salinity (g/ kg), oxygen (fLM / kg), or 
any linear combination of such quantities reduced to proper units such as "pre-
formed nutrients" (Redfield, 1942) or "potential alkalinity" (Brewer, et al., 1975). 
Implicit in this definition is the hope that the distribution of such quantities can be 
used to obtain information on the patterns of ocean circulation. To make proper 
use of this information, however, we must first be able to recognize the effects pro-
duced by advection, mixing, and internal sources and sinks on the observed tracer 
distributions. 

In this series of papers we will show the effects of these processes in the three-
dimensional solution of the tracer distribution equation, for a variety of tracers, 
under boundary conditions similar to those found in the Deep Pacific Ocean, when 
a simple circulation model is assumed. 
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The tracer distribution equation is a statement of mass balance which can be 
written in vector form as 

/Jc --= - V • (V c - K'V c) + J - "Ac at (1) 

The terms within the parentheses are the transport terms: the first representing 
transport by the current field (advection), the second representing the effects of eddy 
diffusion or mixing. J is a regeneration flux, positive for production, negative for 
consumption, while "A is a radioactive decay constant, positive in sign. 

We parameterize the effect of mixing by the product of K, a diagonal matrix of 
eddy diffusion coefficients, and the gradient of the tracer. Mixing is assumed to be 
isotropic in the horizontal plane so that the matrix has only two parameters, K,,, and 
Kv, the horizontal and vertical eddy diffusion coefficients. We also assume steady-
state distributions. Under these conditions the time scale implied by mixing covers 
all phenomena up to hundreds of years in period and the resultant current field is 
the "general circulation of the ocean." 

These assumptions are somewhat arbitrary since we do not know if the distribu-
tions are steady .on these time scales or even if a general circulation of the ocean 
can be defined. During the last few years a growing awareness that mesoscale phe-
nomena may play a fundamental role in oceanic dynamics and the transport of 
properties has cast doubts on the validity of general circulation models with steady 
velocities and fluctuations parameterized by Reynolds stresses and eddy diffusion 
coefficients. However, when dealing with tracers like salinity, oxygen, nutrients and 
radiocarbon, we are looking at distributions that in spite of presenting some mea-
surable :fluctuations are imprinted by thousands of years of these mesoscale effects 
(as given by radiocarbon "ages") and whose variations will be analyzed on an ocean 
basin scale. Without a proper understanding of, and formulation for, the mass trans-
fer produced by eddies, their cumulative effect can perhaps be treated under the 
previous simplifying assumptions. We shall use these assumptions as working 
hypotheses to determine if the observed tracer distributions are compatible with the 
possible solutions of eq. (1). We will test the effects of two different circulation 
patterns on the tracer solutions and ascertain a likely range of parameters over 
which the solutions of eq. (1) exhibit the essential features of the real distributions. 

Eq. (1) is solved by a numerical method using a weighted-mean finite difference 
scheme described later. The domain of the variable c is divided into a number of 
small cells by a three-dimensional grid, eq. (1) is transformed into a system of dif-
ference equations, and the system is solved by an iteration scheme with overrelaxa-
tion-by-lines. Values of the parameters are changed and the solutions are com-
pared with vertical and horizontal sections of observed data. In this paper the dis-
tributions of salinity and oxygen will be discussed. 
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2a. The general model 

The model is an idealized picture of the Deep Pacific Ocean. Its domain is a 
rectangular interior ocean, 90° of longitude by 100° of latitude (SON to SOS), by 
3 km of depth (1 to 4 km), with boundary layers on the north, west and south sides. 
The northern boundary layer is assumed to be 0.1 ° of latitude in width, the western 
boundary layer 1.0° of longitude and the southern boundary layer, which includes 
the Circumpolar Current, 10° of latitude. 

The area of the Pacific corresponding to the model approximately includes the 
South Pacific from 180W to 90W, between 60S and the equator, and the North 
Pacific from 140E to 130W at SON and 40N, plus a quadrilateral figure whose 
sides are loxodromes passing through lSOE and 120W at 30N, 160E and 110W at 
20N, 170E and 100W at lON and 180W and 90W at the equator. No attempt was 
made to correct for this geometry. The position of each grid point is simply plotted 
in the rectangular grid approximately according to its distance from the western 
boundary. 

Most of the calculations reported were done for cells of 10° x 10° x 0.5 km. 
For some solutions, smaller cells of 5° X 5° X 0.2 km were used. The differences 
between these solutions are, at most, 3 to 4% for the cases tested, but the finer 
scale calculation requires more than ten times as much computer time. 

Spherical coordinates for a shallow system appropriate for the (nearly) spherical 
earth are: 

0 = latitude, from 0s (-50°) to 0N ( +50°), positive to the north with grid size 
A0 in radians. 

cf> = longitude, from Oto L(90°), positive eastwards, with grid size Ac{> in radians. 
z = height above the bottom from O to H(3 km), positive up with grid size h 

inkm. 
The grid defines cells centered on (cp ,0,z) with dimensions Ac{> , A0, h, stacked 

on a three-dimensional array and referenced by the triplet (i,j,k); i increasing to the 
east, j increasing to the north and k up. The mean value of a function in cell (i ,j,k) 

is referenced by the subscript (o) and the value in adjacent cells by the subscript 
which differs from i, j or k. Thus, C0 is the mean concentration at cell (i,j ,k) and 
Ci- i at cell (i-1 ,j,k). Subscripts w, e, s, n, u, d, refer to the mean values at the west, 
east, south, north, upper and lower faces of the cell respectively. 

The interface area of the cells is given by 

A . = Aw= ah A0 

A.,= ah Acp cos 0,. =ah Acp cos 0 

sin(A0 / 2) [ A0 /2 
A0 / 2 tan(A0 / 2) 

A
0 

tan 0] -2-
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As= ah A<p cos 08 =ah A</> cos 0. 

sin(A0 / 2) [ ll.0 / 2 + ll.0 tan 0] 
ll.0/ 2 tan(ll.0/ 2) 2 

sin(ll.0/ 2) 
A u= Aa = a2 A<p ll.0 cos 0 ll.0/ 2 

and the cell volume by 

where 

V = 2 h A,1.. AO 0 sin(ll.0/ 2) a I.J,.'f' I.J,. cos AO 12 

= a2 h A<p [sin 011 - sin 0,] 

a= radius of the Earth (6400 km), 
0,. = 0 + ll.0/ 2, 
08 = 0-fl.0/2. 

[36, 2 

(2) 

(3) 

The velocity field is given by the assumption that the deep ocean is homogeneous 
with density p, and that the circulation is predominantly driven by upwelling under 
the thermocline. The flow is steady and in geostrophic equilibrium. Under these 
circumstances the hydrodynamic equations are 

l ap 
2 n sin 0 v = 0 a,1.. pa cos .,., 

- 2 n sin 0 u = _l _ _j_p__ 
pa a0 

gp + _j_p__ = 0 az 
and the continuity equation is 

_1 [ au 
a cos 0 a</) 

a ] aw + 7f0 (v cos 0) + Tz = 0 

u is the longitudinal component of the velocity, positive eastwards 
v is the latitudinal component, positive northwards 
w is the vertical component, positive up 

Cross-differentiating (4a) and (4b) and substituting in (5) yields 

aw 
v = atan0 --az 

au ( . a2w aw ) 
~ = -a sm0 azao + 2 Tz cos0 . 

(4a) 

(4b) 

(4c) 

(5) 

(6) 

(7) 
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These assumptions and equations are similar to those used by Goldsbrough 
(1933), who introduced this model for the study of the horizontal circulation pro-
duced by evaporation and precipitation, but applied to the deep thermohaline cir-
culation with mass balance by boundary currents, as done by Stammel and Arons 
(196Oa). Barotropic conditions yield 

(Ju 

az 
IJ 2w aw 
-- = 0 so -- = w* = constant. 

()z 2 
' ()z 

Since the vertical velocity vanishes at a flat bottom 

w=w* z 

w,,, =w* H 

(8) 

(9) 

(10) 

w,,, is the upwelling under the thermocline, at 1 km; it is the driving force of the 
circulation and can be any function of 0 and cf>. 

In this work two particular cases of the function w,,, = f(cf>,0) were used: a con-
stant upwelling model (A) and a variable upwelling model (B). Model A is defined 
by 

w,,, = w* H =constant, (11) 

whereas in model B, 

w,,, = w* H cos(30). (12) 

In these geostrophic solutions the interior flow does not cross the equator. Cross-
equatorial flow is supplied by a western boundary current and u is assumed to vanish 
at the eastern boundary. 

2b. The constant upwelling model (Model A) 

This is the abyssal circulation model used in two-dimensional form by Stammel 
and Arons (196Ob) and Kuo and Veronis (1970). The water supplied by the western 
boundary current is assumed to upwell uniformly over the entire area of the basin. 

The velocity field is given by 

w=w*z 

v = w* a tan0 (13) 

u = 2 w* a (L-cf>) cos0 

Figure 1 shows the circulation pattern of model A together with the variation in u, 
v, and w with latitude over the interior ocean. 

The flux balances for the entire layer are: total upwelling between parallels 0 

and 0 



328 

o• 

I ournal of Marine Reseat/Ch 

MODEL A 

w 

30° 60° 90° 

u 

Figure 1. The circulation pattern of model A. 

H L 9 

T,,, (0) = ff f w* a d0 a cos0 d<f> dz 
0 0 0 

H L 9 

V 

= ff f w* a2 cos0 d0 dz= w* a2 H L sin0 
0 0 0 

interior flow crossing parallel 0: 

H L 

Tv(0)= ff vacos0d0dz 
0 0 

H L 

= ff w* a2 sin0 d0 dz = w* a2 H L sin0 
0 0 

and flow from the boundary to the interior from Oto 0: 

H 9 

T,,(0)= ff Uoad0dz= 
0 0 

H 9 

= ff w* a2 L 2cos0 d0 dz= 2 w* a2 H L sin0 
0 0 

[36, 2 

(14) 

(15) 

(16) 

In this model, for each unit of upwelling between the equator and any latitude, 
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an equal amount flows poleward as deep water past that latitude. The two units are 
supplied by the western boundary layer. 

The fluxes at the boundary layers are given by mass balance. For each layer of 
height h the boundary flux at latitude 0 or longitude cf, is 

FNn (cf,)= - w* a2 h (L-cf,) sin ON 

F wn (0) = w* a2 h L (sin 0N - 2 sin 0) 

Fsn (cf,)= R + w* a2 h (L-cf,) sin 08 

(17) 

(18) 

(19) 

R is the flux in the Antarctic Circumpolar Current leaving the Pacific at the eastern 
side. The flux into the Pacific from the western side is R plus the total upwelling 
within the basin, equal tow* a2 H L (sin 0N - sin 08). 

The upwelling water is removed from the basin by the surface circulation (above 
1 km). 

2c. The variable upwelling model (Model B) 

In this model, upwelling is a continuous function of latitude with a maximum at 
the equator, and sign reversal at 0 = 30°. This upwelling distribution can be gen-
erated by a pattern of heating and cooling at the surface, or by the vertical motion 
on the bottom of the Ekman layer caused by the wind stress. Both these variables 
can be roughly fitted with a cos (30) function as described by Wyrtki (1961). 

The velocity field is given by 

w = w* z cos (30) 

v = w* a tan 0 cos (30) 

u = w* a (L-cf,) [5/ 2 cos (40) -1/2 cos (20)]. 

The boundary fluxes are 

FNn (cf,)= - w* a2 h (L-cf,) sin 0N cos (30N) 

F8n (cf,)= R + w* a2 h (L-cf,) sin 0s cos (30s) 

Fwn (0) = w* a2 h L [1 / 8 sin (40N) + 1/4 sin (20N) 

- 5/8 sin (40) + 1/4 sin (20)] 

and the flux balances for the whole layer are 

Tw (0) = w* a2 H L [1 / 8 sin (40) + 1/ 4 sin (20)] 

Tv (0) = w* a2 H L sin 0 cos (30) 

Tu (0) = w* a2 H L [5/ 8 sin (40) - 1/4 sin (20)] 

Figure 2 shows the circulation pattern in model B. 

(20) 

(21) 

(22) 

(23) 

(24) 

(25) 

(26) 
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MODEL B 

w u 

Figure 2. The circulation pattern of model B. 

2d. Boundary conditions 

[36, 2 

V 

The boundary conditions adopted to calculate the tracer distribution are: i) fixed 
values along the upper surface at 1 km depth, and in the vertical profiles at the east-
ern and western ends of the Circumpolar Current, i.e., at all places where there is a 
flux of water; and ii) a zero flux condition on the horizontal boundaries and at the 

bottom. 
The boundary values adopted for salinity and dissolved oxygen are shown in 

Figures 3 and 4. 

3. The finite-difference equations 

Integrating eq. (1) over a cell volume and using the divergence theorem 

-f (Vc-K'\lc)NdA + f (J-AC)dV=O (27) 

A V 

or 

(28) 

where 

uc - -a-c-~-;-0- :; ) w a dz d0 = [ Uw C w - K$ ( :; ) w ] Aw 

Fe=f(uc--K,,,_ 
a cos 0 

Ae 

(29.a) 

a dz d0 = [ Ue C e - K$ ( :; ) e ] Ae 

(29.b) 
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Figure 3. Boundary values for salinity. The horizontal distribution at 1 km and the vertical 
profiles at the west and east ends of the circumpolar current. 
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(29.c) 

a2 cos 0 d0 dq> = [ Wa Ca - K,, ( ;; ) a ] Aa 

(29.e) 

a2 cos 0 d0 dq> = [ Wu C,, - K,, ( ;; ) u ] A., 

(29.f) 

In model A, the mean flows at the cell interfaces are 

and we have defined: 

_ * sin (b..0/2) 
Uw - 2 W a (L-</>w) COS 0 b.012 

_ * sin (b..0/2) 
u0 - 2 w a (L-4>0) cos tJ b.012 

V8 = w* a tan 0e 

v,. = w* a tan 0,. 

Wa = w* a ( z - ) 

w., = w* a ( z + ) 

K,. sin (b..0/2) 
K$ = a cos 0 b.0 /2 

K,. 
Ke= --

a 

(30.a) 

(30.b) 

(30.c) 

(30.d) 

(30.e) 

(30.f) 

(31.a) 

(31.b) 

The fluxes across the interfaces are decomposed into inward fluxes (aV) and out-
ward fluxes (j3V) carrying the mean concentration of their respective cells (a:'s and 
{3's have dimensions of reciprocal time): 

Fw = (0:.-1 c,-1 - /3i-l Co) V 

Fe= (./3,+1 Co - 0:.+1 C,+1) V 

F,i = (a:,-1 c,-1 - /31-1 Co) V 

(32.a) 

(32.b) 

(32.c) 
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Substitution of eqs. (32) in (28) gives 

}; a,,, Cm - (}; /3m + A) Co + lo = 0 
m m 

where the summation is extended to the six neighboring cells. 
Expressions (32) applied to the fluid yield 

F w = Uw Aw= (IXi-1 - /3i -1) V 

Fe= Ue A e = (/3i +1 - l:¥i+1) V 
etc .... 

333 

(32.d) 

(32.e) 

(32.0 

(33) 

(34.a) 

(34.b) 

which substituted into eq. (28) give the finite-difference form of the mass continuity 
equation 

(35) 

Eq. (33) gives then the finite-difference equation for the tracers. 

I a,,, Cm - ao Co= - l o, a0 =la,,, + A. (36) 
m m 

To determine the values of the a's in expression (36) we must compute the values 
of the concentrations and gradients at the interfaces in terms of the mean values of 
the concentration on the adjacent cells. 

The gradients are approximated by 

Ci+1 - Co ti</> , etc .... 

(37) 

The interface values are approximated by a weighted-mean, in which the weights 
are proportional to the unidirectional flows across the interface (Keeling and Bolin, 
1967). 

(38) 

Using this scheme, the value at the upstream cell is weighted more heavily than 
the downstream value. The interface values range from the arithmetic mean of the 
adjacent cells when a = f3 (pure diffusion), to the value of the upstream cell, when 
a or f3 vanishes (pure advection). 
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Substitution in eqs. (29.a) and (32.a) gives 

[ ( a.-1 Ci-1 + fi i -1 Co ) Kr1> (C c )] A,,, - C c 
u,,, a.-1 + fi i -1 - Ii</> 0 - i -1 y- a.-1 i -1 - 1-'i -1 0 

(39) 

u,,,A,,, 
From (34.a) fi i -1 = ai-1 - -V- , so 

[ UwA w O'.i -1 + K</> A w - . ] (C- - C) = 0 
V UwA w A<p V a ,-i i -l 0 

20.'.i -1 --V- (40) 

In general C i -i ¥= C0 so that the expression within brackets must vanish. Solving 
for a,;_ 1 and taking into account that when u 0, a and fi tend to the mixing 
fluxes, we obtain: 

(41.a) 

and 

fi i -1 = [ :; - u,,, + ( :; ) 2 •] A w + uw- 2V 

A similar procedure for the east face gives 

2] A e + Ue 2V 

and 

O'.i+ 1 = [ :; - Ue + ( :; ) 2 + u.2] 1? (41.b) 

The remaining values of a are given by 

O'.j -1 = [ ~; + v. + ( ½) 2 

O'.i+ 1 = [ ~; - Vn + ( ~; ) 2 

2] A . + V s 2V 

[ Kv ( Kv ) 2 
· ] A,, O'.k+ 1 = h - w,, + -,;- + w,,- 2V 

where all the values have been previously defined. 

(41.c) 

(41.d) 

(41.e) 

( 41.f) 

The boundary conditions are treated in two ways. For the cells near a boundary 
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with a fixed flux (namely zero), that value is assigned to the respective flux term in 
eq. (28). For the cells near fixed value boundaries the inward flux from the boundary 
in eq. (36) is calculated. 

The resulting system of equations is solved by iteration using over-relaxation-by-
lines. With this procedure, all the equations in one line are solved simultaneously 
using the last updated values of its neighboring lines, together with a variable over-
relaxation factor which depends on the convergence rate of the process (Young, 
1954). The iteration is carried out from the upper level down, solving for the south 
boundary, the west boundary, the interior from west to east, and the north boundary 
in succession. The process is repeated until the relative change in all values is less 
than 10-s. As a check on the solution the integral fluxes in and out through the 
boundaries are calculated and the net result is compared to the total sources and 
sinks within the domain. 

In cases where diffusion dominates advection, overrelaxation works quite well. 
For advection dominated cases, convergence is rapid if the iteration is done follow-
ing the direction of the flow but overrelaxation leads to instability. For intermediate 
cases an optimum overrelaxation factor could not be found. The theoretical opti-
mum factor calculated from the previous convergence rate works well until the 
values are near the solution, but it must then be cut off or the values begin to oscil-
late leading to divergence. 

There were no conditions for which a stable solution could not be found. The 
finite-difference scheme with a weighted-mean produces a unique and stable solu-
tion no matter what the grid size or the value of the velocity field if a suitable itera-
tion procedure is used. A further refinement of this scheme using a different weight-
ing technique has recently been described by Fiadeiro and Veronis (1977). 

4. Tracer distributions and the model solutions. Model A (constant upwelling) 

The observed tracer distributions are presented in horizontal sections at 1 and 
4 km, and vertical sections along ~ 32N and ~ 125W (Figs. 5-8 and 14-17). The 
data for the sections are from the GEOSECS Pacific Expedition. The E-W section 
in the north Pacific is from Legs I (st. 201, 202, 204), II (st. 212, 213, 214), III 
(st. 223, 224) and IV (st. 225, 226). The N-S vertical in the eastern Pacific is from 
Legs IX and X. The horizontal sections were complemented when possible with 
data from HAKUHO-MARU, HUDSON and ELTANIN expeditions. 

The model basin has a constant depth and a barotropic circulation; thus there 
are features of the actual tracer distributions which obviously cannot be reproduced. 
Effects of bottom topography and the features associated with the benthic front 
(Craig, Chung and Fiadeiro, 1972) are among these. Also, because we assumed 
steady-state the solutions will necessarily be smoother than the real distributions. 
In fitting the numerical solutions we fixed our attention mainly on the following 
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SALINITY at 1km 

[36, 2 

Figure 5. Observed distribution of salinity at a depth of 1 km. (S = plotted values + 34%,). 

features of the data distributions: (i) the overall east-west and north-south gradients 
at 4 km, (ii) the depth variation in vertical section, with special emphasis on the 
position of maxima and minima and (iii) the values at 2 km and gradients to the 
upper boundary. 

The numerical model results are presented in groups of three sections of the 
three-dimensional numerical solution. At the upper left of each figure (e.g. Fig. 9) 
the horizontal section at 4 km is shown. At the lower left is the E-W vertical section 
at 35N, and at the lower right the N-S vertical section at 60° from the western 
boundary. These sections help to visualize the three-dimensional solutions and to 
compare them with the actual distributions presented for the tracers. 

Parameters. The parameters of the model are: w* and R for the circulation, Kv and 
K,. for mixing, and J for the regeneration term. J is assumed to be a constant or an 
exponential function of depth: J = l1e-13 <a- 1> (/3 in km-1 , d = depth in km), and 
J 1 is the value at a depth of 1 km. 

With stable tracers only the relative values of the parameters can be determined 
because the equations are homogeneous in these parameters. The absolute values 
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SALINITY at 4 km 

Figure 6. Observed distribution of salinity at a depth of 4 km. 
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can only be calculated when a "clock" like the decay constant (A) of a radioactive 
tracer is used. In these calculations, w* was fixed at (1000 years)-1, which gives an 
upwelling velocity at the upper boundary of 3 m/ y for the whole ocean in model A, 
and at the equator in model B; all the other parameters are scaled to this value. 
This upwelling velocity is close to the value (3.7 m/ y) obtained by a vertical advec-
tion-diffusion model fit to the Geosecs-1 radiocarbon profile in the North Pacific 
(Craig, 1974) and is consistent with the range of upwelling velocities estimated 
from a number of different methods (Stommel, 1958; Munk, 1966; Craig, 1969). 

The parameter R physically represents the deep circulation of the Circumpolar 
Current when leaving the Pacific, but in the model it must perform other functions. 
The southern boundary of the model has a no-flux condition like the other hori-
zontal boundaries, but in fact the meridional exchanges by advection and diffusion 
between the Circumpolar and the Antarctic Ocean across this boundary are at least 
as important as the longitudinal transport of the Circumpolar Current. R, as a 
parameter, must maintain the characteristic distributions of the Circumpolar Cur-
rent simulating all these processes, and thus it loses its strict physical significance. 
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Figure 7. N-S vertical section of salinity in the eastern Pacific(~ 125W). 

NORTHERN PACIFIC SALINITY or===~~~~~7 --34.Q...,/ 
--34.5 c:::::=:::::::: 

2 

E 
:,c 

I 3 

l-
a. 
w 
0 

4 

~34.4 --------------34.5---
-

------------ 34.6 

--------34.65--------

-34.67 
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The effect of changing R in the overall distribution is not very great, especially in 
model A where the flow is poleward; so, although R could be chosen for each tracer, 
a great variation from tracer to tracer would be expected. It seemed preferable to 
find a reasonable value for R that made the salinity distribution at the southern 
boundary layer change smoothly from the west to the east and use this value for all 
tracers. The value adopted was R = 101 m8/s = 10 Sv. for the deep circulation 
below 1 km. It is assumed that there is no vertical shear in the Circumpolar flow in 
this depth range. 

This left two parameters, K,. and Kv, to be fitted with salinity, and the regenera-
tion parameters J or J1 and /3, to be fitted for each nonconservative tracer. 

Salinity. Figure 5 shows the observed horizontal distribution of salinity at 1 km. The 
influence of the wind-driven circulation is still clearly noticeable; the salinity minima 
near 30N and 40S reflect the deep penetration of the Arctic and Antarctic Inter-
mediate Waters with their low salinities. The maximum salinity at 1 km occurs close 
to the equator, and the isohalines follow a pattern reminiscent of the overlying 
tropical gyres. The picture at a depth of 4 km (Fig. 6) is quite different, and the 
distribution is no longer zonal. In the South Pacific the isohalines tend to run in a 
NW-SE direction and in the North Pacific the trend is in the E-W direction. 

The Bottom Water enters the Pacific with a salinity maximum at about 3 km. 
This core is the remnant of the North Atlantic Deep Water carried around Ant-
arctica by the Circumpolar Current. As it enters the Pacific, this water slides under 
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the Pacific Deep Water, creating a benthic front. The characteristics of this density 
discontinuity surface have been discussed by Craig et al. (1972). It is sufficient here 
to recall that the upper surface of the Bottom Water deepens northward and east-
ward, and that the layer is eroded from the top with mixing restricted to a transi-
tional layer of 500 meters. This produces a tongue of high salinity and low silicate 
under the benthic front that cuts the 4 km surface in a NW-SE direction, with ex-
treme values around 170W at 25S, 162W at 28S and 146W at 43S (see Fig. 6). 

The loss of salt in the Pacific Deep and Bottom Waters is due to vertical mixing 
because there is no other source of deep water in the Pacific. This loss will deter-
mine the balance between vertical and horizontal mixing. In the eastern Pacific 
(Fig. 7) the isohalines level off at around 2 km with a value of 34.63%0. In the 
northern basin the change in salinity is small and the western side is slightly more 
saline than the eastern. The vertical gradient in the west is also greater than in the 
east (Fig. 8) suggesting a western intensification of the bottom flow. 

The numerical solution gives the best fit with the values K,. = 5 x 108 cm2/sec. 
and Kv = 0.6 cm2/sec. This solution is shown in Fig. 9. The general features of the 
distribution are well represented. One interesting feature of the solution is the posi-
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50°N 

~I 

.69 

tion of the salinity maximum at 4 km. In the model, the maximum in the vertical 
profiles reaches the bottom in a line across the SW part of the basin as in the 
Pacific, however it never reaches a value of 34. 72%0. In the north, a relative maxi-
mum in the east-west direction (indicated by the dashed line) leaves the western 
boundary about 20N, goes east 30° toward the middle of the basin and returns 
back to !OE at the northern boundary.3 The observed counterpart in the Pacific is 
a tongue of slightly higher salinity, and higher oxygen around 170E. A definable 
flow of bottom water forming a western boundary current is lost when the bottom 
water crosses the Marcus-Necker Rise at the Wake Passage, also about 20N. In the 
numerical solution separation of this maximum from the western boundary is a 
feature associated with the reversal of the western boundary current and the small 
cyclonic gyre of the NW comer. A stagnation point in the western boundary cur-
rent occurs around 22.SN. 

Although the model does not include bottom topography, one effect of an east-
west chain, like the Marcus-Necker Rise and the Hawaiian Chain, could be the 

3. This is the only instance in the model in which an extremum follows approximately the direction 
of the flow in a tongue-like manner. It is a characteristic of the solutions with K , = 5.10° cm2/ s. A 
change of K, will change the path of the maximum. 
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Figure 12. Numerical solution for salinity. K. = 1.0 cm2/s. 

piling up of the water from the poleward component of the horizontal velocity at 
this barrier and the formation of a boundary current toward the east, like the bot-
tom water flow observed at Horizon Passage and around Hawaii (Edmond, et al., 
1971). This bifurcation of the bottom water seems to have an effect on the tracer 
distributions, especially noticeable in oxygen (see Fig. 15) but cannot be reproduced 
with the model. 

The effects on the solution of a decrease and an increase of Kh is shown in 
Figures 10 and 11. For Kh = 106 (Fig. 10) the salinity maximum in the North 
Pacific shifts to 60° east of the west boundary and creates too large a gradient at 
20N on the western boundary. Also the values at the north boundary and at 2 km 
are too much influenced by the upper surface; this can be compensated by a de-
crease of Kv but the characteristics of the distribution will remain: isohalines run-
ning E-W in the North Pacific and N-S in the South Pacific. For K1i = 101 (Fig. 11) 
the salinity maximum in the North Pacific is shifted to the west and the east-west 
variation in the South Pacific is much reduced. In this case the influence of the upper 
boundary is much less. 

The effects of a change in Kv are shown in Figures 12 and 13. For Kv = 1.0 
cm2 / s (Fig. 12) the distribution pattern at 4 km is much the same as in Figure 10 
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but the values are lower: 34.63% at the NE corner indicating a greater loss of salt 
by vertical diffusion. For Kv = 0.1 cm2/ s (Fig. 13) the vertical diffusion flux is 
almost zero. The salinity maximum entering from the Circumpolar Current stays at 
the same level throughout the ocean. The salinity at 4 km is 34.71%0 everywhere 
and only the uppermost levels feel the influence of the upper boundary. This solu-
tion corresponds to neglecting the vertical terms in the distribution equation. 

There is a certain correlation between the values of Kn and Kv which give the 
best model fit. Once Kn is fix ed, Kv can easily be found. It is difficult to choose the 
best combination of the two values, but the results tend to show that they must be 

on the range: 

106 cm2/ s <Kn< 101 cm2/ s and 0.5 cm2/ s < Kv < 1.0 cm2/ s 

for the value of w* and R previously discussed. 
With two parameters, not much more can be done. The north-south variation at 

2 km is a little greater than expected and the values at the northern boundary are a 
little too low: 34.61%0 at 2 km instead of 34.63. The vertical profiles of salinity are 
less inflected than in the actual distribution. 
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OXYGEN at 1 km 

Area where oxygen minimum is under 1 km 

Figure 14. Observed distribution of oxygen at a depth of 1 km. (µ.M / kg). 

[36, 2 

A variation of the model with three parameters was also tried. In one-dimensional 
vertical advection-difiusion models, the ratio between the first and second derivatives 
with respect to z (c' /c" = z*) for temperature and salinity in the North Pacific 
Deep Water ranges only from 0.8 to 1.1 km in value (Chung, 1975). The physical 
significance of this small variation is not yet clear, but accepting the approximate 
constancy of z* as a fact we have, for a one-dimensional model, 

K 
z* = -------,=c-- = constant. 

w-K' 

Munk (1966) and Craig (1969) adopted the hypothesis of a constant K and a 
constant w (the coefficient of vertical eddy diffusion and the vertical velocity). An-
other possibility would be: JK'J > > w, such that 

K = Ko exp-(z/z*). 

as first used by Koczy (1956, 1958). This hypothesis in the one-dimensional model 
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OXYGEN at 4km 

Figure 15. Observed distribution of oxygen at a depth of 4 km. 
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gives the same curves for the stable tracers and reduces the exponential variation in 
J needed to fit properly the oxygen and other nonconservative tracers. 

To test this hypothesis with the three-dimensional model, a fit for Kv (at the bot-
tom) and Kh with z* = 1.1 was made for salinity. To give the proper values at 4 km, 
Kh must be greater than 5 X 101 cm2/ s and Kv at the bottom about 8 cm2/ s and 
the overall picture is worse. For oxygen with a constant J, the variable Kv model 
increased the curvature of the vertical profile, bringing the lO0fLM / Kg isoline above 
1.5 km at the northern boundary, instead of pushing it down below 2.0 km as is 
observed. The conclusion is that if any variation exists in Kv it certainly must be less 
than that used in this calculation. Thus with no valid reason for assuming a variable 
Kv (or Kh, for that matter), we adopted the values Kh = 5.106 cm2/ s and Kv = 0.6 
cm2/ s as the best values for all the other model calculations. 

Oxygen. Given w*, Kh, Kv and boundary conditions, the particular solution of the 
distribution equation for any tracer, i.e., the conservative distribution of the tracer 
can be calculated. If the tracer behaves as conservative, the solution will be close 
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to the distribution; if not, the difference between the real and calculated distribu-
tions shows the effects of the in situ regeneration term J, for a nonconservative 
tracer. 

It is not the purpose of the model to find the distribution of J that would exactly 
match the calculated and the observed distributions. It would be unreasonable and 
meaningless to use three parameters for the particular solution and find an array of 
J terms as big as the number of cells in the model. Therefore, we investigated only 
constant values of J and a simple exponential variation with depth as proposed by 
Wyrtki (1962). An exponential function gives two useful pieces of information. One 
is the average value for the very deep water, to which the bottom concentration 
values are more sensitive, and the other is the vertical scale of variation, by which 
the upper values and gradients to the upper boundary are more influenced. 

The observed oxygen distribution in the Pacific is shown in Figures 14, 15, 16, 
and 17. The horizontal variation at 1 km is very great; from values greater than 
200µ,M/ Kg to less than 20µ,M/ Kg. The high values in the South Pacific are brought 
in by the Antarctic Intermediate Water, which pushes the oxygen minimum below 
2.0 km. The deep oxygen minimum rises northward and crosses the 1 km surface 
near 20S at the 150 isoline, and from there to the equator the values change by 
lO0µM/ Kg. The vertical variation in the deep oxygen minimum is primarily a re-
sponse to the change in the upper boundary values, as described by Craig (1971). 
In the North Pacific the lowest values are in the eastern basin and the minimum 
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deepens to the west to a maximum depth of 1.3 km. The area within which the 
oxygen minimum is under 1 km is bounded by the dashed curve in Figure 14, which 
follows the 34.40%0 salinity contour under the salinity minimum. 

At 4 km depth (Fig. 15) the greatest variation is on the Samoan Basin. North of 
the Tokelau Passage (Lat. 1 OS, Long. 169W) the benthic front breaks, and the bot-
tom water mixes with the oxygen-poor deep water. There are two extensions of the 
150 isoline into the west and east basins to the north, and a minimum value of less 
than 140 is reached along the American coast. The East Pacific Rise isolates the 
Peruvian and the Guatemalan Basins, and the Pacific-Antarctic Basin seems to have 
a bottom circulation of its own. 

Figure 18 shows the model solution of the conservative distribution of oxygen 
(J=O) with the boundary conditions of Figure 4. The general pattern of the solu-
tion is recognizable; there is a deepening of the minimum under the Antarctic Inter-
mediate Water, and a gradient to the east coast; however, the values are far too 
high. Without oxygen consumption, the bottom water would reach the NE comer 
with a value of 182µ,M/ Kg and the 100 isoline in the North Pacific would be above 
1.5 km, producing a very steep gradient to the 1 km surface. 

With a constant J, the value that gives the most realistic variation at 4 km is J = 
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Figure 20. Numerical solution for oxygen. J = -0.05µ.M kg-1 y-1 (constant). 

-0.04 µ,M/L/y (Fig. 19). The values at 2 km are still too high. An increase in J 
affects the 4 km values much more than the 2 km values. The solution for J = 
-0.05 µ,M/Kg/y is shown in Figure 20. This value decreases the concentration at 
the NE corner from 134 to 121, but the decrease of the northernmost value at 2 km 
is only from 107 to 99, which is still too high. A comparison between these two solu-
tions shows the sensitivity of the numerical solution to the parameter J: a 25 % 
change in J produces a change of 10% in the NE corner value. The characteristic 
feature of the constant J solutions is a small vertical variation in the lower levels, 
with the gradients pushed to the upper levels. This indicates a predominance of ver-
tical advection in the upper levels; to keep up the balance between regeneration and 
advection, the J term must increase upwards by at least as much as the vertical 
velocity. 

To improve the fit, an exponential variation of J was used. The best fit gives J1 

= -0.48 µ,M/ Kg/ y, f3 = 1.2 km-1 and is shown in Figure 21. This value decreases 
the minimum in the South Pacific to less than 140 µM/ Kg, pushes the 100 isoline 
almost to the 2.5 km level in the north, and smooths the E-W variations. The value 
f3 = 1.2 is probably the smallest value that can be used. Between /3 = 1.2 and 1.5 
there is a strong correlation between the best fit values of l1 and /3, and only small 
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variations between the fits_ The value /3 = 1.2 represents a large variation in the 
regeneration rate with depth, since the value of J at 4 km is only 2.7% of the 1 km 
value. 

In Figure 22 we plot the results of this fit with Riley's (1951) values for the 
Atlantic, and Packard's (1969) measurements of oxygen consumption in the Pacific. 

OXYGEN C O NSU MPTI O N R A T E 

l;,. l/1/y 2;,. l / l / y 
p.M/Kg /y .100 .200 .300 

(/J 

a:: 
w 
.... 
w 

3 
...J 

l.: 

5 

I / 

i "" .. .. ;•;,/< .... '. .. '. .. '?/ .. '. ... 
I '., .. / 

i ,,,','/,/ /<, 
.:...- / 

...... : , / 
I , 

I ,,1; 
: I ,. "" 

I 

. l 
I 

I 
I 

I ' 
I 

I 

10;,.l/l/y 
.400 .500 .600 

6 Ri ley (/951/ 

, Packard (NE Pacific ) 
Packard (Peru) 

_ __ Regression (Pocl<ard) 

• This worlc 
- ,0:/.2 
-- --- ,9:0.8 
___ ,o,o.o 
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The value of J at 1 km (/1) is simply a fitting parameter, but the other values pos-
sibly represent a good estimate of the in situ rates, forced to an exponential fit. 
Riley's values show a greater variation with depth Oarger /3), and Packard's values 
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less variation (smaller /3). The values for the fits with a constant/ and with /3 = 0.8 
are also shown. They tend to indicate a small value, on the order of 0.04 µ,M/Kg/y 
~ 1 µ,1/L/y for the consumption rate in the bottom water. 

5. The variable upwelling model (Model B) 

In a previous paper (Craig et al., 1972) we remarked that the slope of the benthic 
front in the South Pacific is compatible with a flow from the Circumpolar Current 
feeding into the western boundary current as it moves northward. Model B is one 
possibility for this pattern of circulation. This model has some striking differences 
from Model A: the interior flow in each hemisphere is divided into two cells, cir-
culating in opposite directions and fed by downwelling at high latitudes. In the 
South Pacific, the southernmost cells are fed horizontally by the Circumpolar Cur-
rent rather than by the western boundary current (see Fig. 2). The northern boundary 
current flows east and the western boundary current has three stagnation points. 

The best salinity and oxygen fits, obtained with the same boundary conditions as 
used in model A, are shown in Figures 23 and 24. It is clear that the solutions are 
not only quite different but are also worse fits. The variation becomes predomi-
nantly N-S with the gradients pushed to the southern hemisphere. The high values 
of salinity and oxygen do not extend appreciably into the west, because the western 
boundary current receives its flow from the interior and actually delivers about 1.6 
Sv. to the Circumpolar Current. The salinity maximum at 3 km hardly enters the 
Pacific (Fig. 23). 

The only improvements appear in the northern part of the oxygen distribution 
(Fig. 24). The values at the upper levels are low even with constant/, and there is 
a greater extension of the oxygen minimum into the northeast Pacific, a feature as-
sociated with the anticyclonic circulation and the eastward flow at the northern 
boundary. 

Because of downwelling, the bottom values in the north Pacific are too sensitive 
to the values at the upper boundary no matter how small Kv is. The value of Kh = 
101 cm2/ s is about the minimum needed to extend a salinity of 34.68%0 to the north-
east comer. An increase in Kh is a bad sign for these models, because it means that 
horizontal mixing must be enhanced to cover the effects of a bad circulation. The 
ratio Kh! Kv is about six times greater than in model A. The distributions are domi-
nated by a balance between advection and horizontal diffusion, and a decrease in 
Kv does not make much difference in the solutions. A further increase of the eddy 
diffusion coefficients is equivalent to slowing down the circulation, and in so doing 
both circulation models tend to the same solutions. 

Although we did not improve the fits, it is reassuring that substantial differences 
can be seen between the solutions of the two circulation models. These results en-
courage the use of the three-dimensional distribution of tracers to improve the 
physical models of the circulation. 
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6. Conclusions 
Regarding the balance between advection, mixing and regeneration, the follow-

ing conclusions can be drawn: 
i) The ratio Kh/Kv determines the depth to which the ocean feels the effects of 

the wind driven circulation. In the real ocean, a balance seems to be reached be-
tween 2.0 and 2.5 km, which requires a ratio of about 107 for the model values. As 
(LI H) 2 is also ~ 107, horizontal and vertical mixing seem to be about equally im-
portant in controlling the tracer distributions. 

ii) Maintaining w* constant, and increasing or decreasing Kh and Kv simul-
taneously, changes the ratio of advection to mixing. The stronger the advection, the 
sharper become the gradients away from the sources on the normal to the flow. The 
stronger the mixing, the more linear the gradients and the more zonal the distri-
butions. 

iii) The balance between regeneration and advection has previously been de-
scribed by Kuo and Veronis (1973) in a two-dimensional model. Because the 
greater residence time of the water is on the eastern equatorial region, it is there 
that the effects of regeneration are stronger (for oxygen, the creation of a minimum). 
The isolines tend to run N-S, bulging inward at the equator. 

iv) A balance between regeneration and mixing produces gradients decreasing 
with the distance from the sources. In this model, the extremes are pushed to the 
northern boundary and the isolines run E-W with closer spacing in the south. 

From the combined effect of the three processes, the extremes tend to shift to the 
NE corner, making the isolines normal to the flow in the northern hemisphere and 
parallel to the flow in the southern hemisphere. 

The solutions also show an even balance between the terms of the equation in 
the three coordinates. This need not be necessarily true for all regions of the ocean, 
but it is difficult to see how the analysis can be reduced to one or two dimensions 
without creating virtual sources or sinks from the neglected terms. 

The value of wh we assumed (3 m/y) gives a total of 9.4 Sv. of deep water up-
welling in the Pacific, 11.7 Sv. being carried by the western boundary current with 
2.3 Sv. eventually returning to the circumpolar. The net amount of oxygen entering 
the Pacific is 61.8 x 1012 M/y, of which 29.6 are transported by advection and 
diffusion across the 1 km surface and 32.2 are lost by oxidation of organic matter 
within the basin. This loss corresponds to 95 x 10-s µ,M/kg/y (~ 2 µ,1/1/y) or 
286 mM/m2 /y for the whole column from 1 km to the bottom. Assuming a respira-
tory coefficient of 0.73, this corresponds to 208 mM of carbon/m2/ y = 2.5g/m2/y. 
The mean surface productivity in the open ocean is estimated to be 50g/m2 /y 
(Menzel, 1974), so that only about 5% of the organic matter is regenerated under 
1 km in the ocean. This quantity is small with respect to the organic matter pro-
duced, but very substantial for the oxygen budget (~ 52 % of the losses). 

The picture of the oxygen distribution we obtained at 4 km is very similar to that 
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found by Kuo and Veronis (1973) in two dimensions, in spite of the fact that our 
value of J at that level is less than half of the value they used. Two factors can ex-
plain this. The pattern itself is a characteristic of the thermohaline circulation, which 
at this depth is not much influenced by the surficial values ( our boundary condi-
tions), and their value of J includes a virtual sink due to losses at the top by vertical 
eddy diffusion. These losses are neglected in their model and account for half the 
total loss in our model. 

The magnitude of the decrease of J with increasing depth is a feature dependent 
on the circulation model used. A vertical velocity increasing upwards makes the 
transit time in the upper layers shorter than in the lower layers. To maintain the 
same balance between advection and regeneration, J must increase upwards as much 
as the vertical velocity. The variation obtained in our fit is more than the amount 
necessary to accomplish this, indicating that at least some of the variation may be 
real. 

Another conclusion of this study is that a suitable circulation is necessary to ex-
plain the shifting of the zonal patterns of distribution at 1 km to the skewed pat-
terns observed at 4 km. The pure-diffusion solutions are unable to do this. Could 
the advective terms be generated by a spatial variation in eddy diffusivity? As we 
said earlier, a vertical model with an exponential Kv, and a model with constant Kv 
and constant w, have exactly the same solutions for stable tracers. Many two-dimen-
sional solutions are also nonunique (Sverdrup, Johnson and Fleming, 1942, pp. 506, 
Fiadeiro, 1975). There is a distinct possibility that, also in three dimensions, very 
similar solutions can be generated by vastly different models, and this hypothesis is 
worth exploring further. Nevertheless, we feel that the gross features of the salinity 
and oxygen distributions are consistent with the Stommel-Arons model of the deep 
thermohaline circulation. This encourages us to apply it to other tracers in order to 
seek relations between regeneration rates, and to determine absolute time scale 
given by radioactive tracers. 
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